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Chapter 1. Introduction 
1.1. Structure of Earth's interior 
The Earth interior has been investigated based on a combination of various observations, 
such as seismic waves, electronic conductivities, analyses of natural samples of the Earth and 
meteorites, and both experimental and computational simulations. These studies revealed that the 
Earth interior is divided into three layers having the different chemical compositions, namely the crust, 
mantle, and core. The mantle is composed of the upper mantle, mantle transition zone, and lower 
mantle, while the core is composed of the liquid outer core and solid inner core based on their phase 
difference. A large decrease of seismic-wave velocities occurs at depths of 5–40 km just above the 
CMB, the so-called the ultra-low velocity zone (ULVZ) (e.g., Williams and Garnero 1996, Lay et al. 
1998). The mechanism behind these anomalies are still debated. The phase transition of MgSiO3 from 
bridgmanite to the post-perovskite structure was proposed as a mechanism for the D˝ discontinuity 
(e.g., Murakami et al. 2004; Oganov and Ono 2004), while the partial melting at the base of the lower 
mantle was suggested for the ULVZ (e.g., Williams and Garnero 1996). With advances in seismology, 
three-dimensional seismic tomography described lateral heterogeneities in the mantle caused by 
subducted and stagnant slabs above the 660-km discontinuity (e.g., Fukao et al. 2001; Zhao et al. 2012; 
Fukao and Obayashi 2013) and above the CMB (e.g., van der Hilst et al. 1997). Moreover, with this 
technique, the lateral varieties of the D˝ discontinuity were detected, as well as the large low shear 
wave velocity provinces (LLSVPs) at the depth of ~200 km above the CMB and the distributions of 
the ULVZ (e.g., Trampert et al. 2004; Garnero and McNamara 2008; McNamara et al. 2010; Garnero 
et al. 2016), and up-welling mantle plumes (e.g., Zhao 2004; 2007). 
 
1.2. Deep Carbon Cycle 
Volatile elements such as C, H, and O circulate between surfaces and interiors of the Earth 
through subduction and volcanism. The carbon cycle in the deep Earth is a particularly important 
problem posed by the global carbon cycle, as 97 % of Earth’s carbon is estimated to be stored in the 
deep inventory (Marty 2012). The basic issues in the deep carbon cycles stem from the entering and 
exiting fluxes of carbon from the mantle, those between the reservoirs in the interiors, and the amount 
of stored carbon in the Earth (Hazen and Schiffries 2013). In addition, diamonds within the mantle 
arouse another interest for the geology of the Earth’s interiors: they act as capsules for Earth’s mineral 
inclusion that contain a natural sampling of the hidden deep mantle (Chapter 1.3.2). The mechanisms 
and environment for diamond formation constrains the origin of the mantle sample trapped in the 
diamond. 
The carbon budget in the mantle and the fluxes of carbon between reservoirs and the 
reservoirs carbon budgets have been estimated (e.g., Bureau et al. 1998; Sleep and Zahnle 2001; 
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Auband et al. 2005; Dasgupta and Hirschmann 2010; Marty 2012; Kelemen and Manning 2015). The 
carbon amount of the entire mantle was estimated at 0.8–12.5 × 1023 g of C (Dasgupta and Hirschmann 
2010). An estimation of the carbon content based on C/N ratios of all MORBs and C/4He ratios of 
plume-related gases resulted in concentrations of 765 ± 300 ppm, i.e., 30 ± 12 ×1023 g of C for the 
bulk silicate Earth (Marty 2012). The amount of carbon in the core is an under-debated issue. The 
values are estimated at 0.1–0.6 wt.%, i.e., 20–120 ×1023 g of C based on the partitioning of siderophile 
elements between metals and silicates (Dasgupta and Walker 2008; Wood et al 2013). The in-fluxes 
of carbon from surfaces to the interiors of the Earth, estimated based on the amounts of carbon in slabs 
world-wide, are 1.3–1.7 ×1013 g of C/yr for sedimentary layers (Plank and Langmuir 1998), 6.1 ×1013 
g of C/yr for basaltic crusts, and 3.6 ×1013 g of C/yr for mantle lithospheres (Dasgupta and Hirschmann 
2010). In contrast, a recent study calculated a smaller contribution of basaltic crusts and mantle 
lithospheres, at 2.2–2.8 ×1013 g of C/yr and 0.4–1.5 ×1013 g of C/yr, respectively (totaling 4.0–6.6 
×1013 g of C/yr) (Dasgupta 2013; Kelemen and Manning 2015). Kelemen and Manning (2015) 
estimated the smaller flux of subducting carbon into the convecting mantle (0.00001–5.2 ×1013 g of 
C/yr to convecting mantle). The out-fluxes were estimated from the volcanism at the mid-ocean ridge 
(1.2–6.0 ×1013 g of C/yr), the oceanic island (0.12–3.0×1013 g of C/yr), and the island arc (1.8–3.7 
×1013 g of C/yr) 
 
1.3. Carbon-bearing phases in the deep Earth 
Carbon is considered to be included accessory phases in the mantle because its solubility into 
the mantle minerals was revealed to be very low (Keppler et al. 2003; Shcheka et al. 2006). Possible 
carbon-bearing phases are carbonate minerals, diamond, Fe-carbides, Fe-C alloy, and carbon-bearing 
melts and fluids. 
 
1.3.1. Carbonates 
Carbonate minerals, such as MgCO3, CaCO3, CaMg(CO3)2, and FeCO3 represent crucial 
carbon-bearing phases in the global carbon cycle, including the deep interior of the Earth. Since 
carbonates are the main carbon-bearing components in the oceanic plate, they could also be potential 
carbon carriers down to the deep mantle due to plate subduction (e.g., Alt and Teagle 1999; Kerric and 
Connolly 2001; Kelemen and Manning 2015). An important issue that arose from the presence of 
carbonates in the deep Earth is their contribution to the melting of mantle rocks (e.g., Dasgupta and 
Hirschmann 2006; Rohrbach and Schmidt 2011; Thomson et al. 2016). Carbonate melting increases 
the mobility of carbon and can thus be related to a release of carbon from the interior to the surface 
(e.g., Sleep and Zahnle 2001; Dasgupta and Hirschmann 2010). These movements of carbon are 
related to climate change and the chemical evolutions on the Earth surface and interior (e.g., Sleep and 
Zahnle 2001; Huybers and Langmuir 2009; Dasgupta and Hirschmann 2010). Although significant 
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amounts of carbonates are released to the wedge mantle due to reactions with H2O-bearing fluids 
and/or assention of meta-sediment diapirs (Kelemen and Manning 2015), carbonates’ subductions with 
slabs descending into the deeper mantle are not excluded. 
The reduction of carbonates is another important phenomenon. Carbonates can be reduced 
to diamond form under the reduced oxygen fugacity (fO2) condition below the iron-wüstite buffer (IW), 
which is expected at depths, larger than 250 km in the average mantle (e.g., Rohrbach and Schmidt 
2011; Stagno et al. 2011). Since the insides of subducted slabs are under more oxidizing conditions 
than the average mantle (Stagno et al. 2015), carbonates are able to maintain their stability even at 
depths larger than 250-km depth. Nevertheless, a certain amount of carbonates are extracted from slabs 
due to melting (Rohrbach and Schmidt 2011; Thomson et al. 2016), and the carbonates in melts that 
reach the mantle can be reduced to diamond or Fe-carbides (redox freezing) in the mantle transition 
zone (Rohrbach and Schmidt 2011). Such carbonate reductions play an important role for the 
formation of some natural diamonds, so-called ‘super-deep diamonds’, originating from the sub-
lithospheric mantle down to the mantle transition zone or the lower mantle (e.g., Hayman et al. 2005; 
Harte 2010). Carbonates detected in such superdeep diamonds suggest the existence of carbonates in 
the lower mantle (Brenker et al. 2007; Harte and Richardson 2012; Kaminsky et al. 2015) and the 
relationship between superdeep-diamond formation and carbonate reduction in the reduced mantle or 
reaction with silica minerals (e.g., Rohrbach and Schmidt 2011; Seto et al. 2008; Thomson et al. 2016; 
Maeda et al. 2017). 
MgCO3 magnesite is one of the most likely occurring carbonates in the Earth (Fig. 1-2; e.g., 
Biellmann et al. 1993; Litasov et al. 2008; Scott et al. 2013). The stability of MgCO3 is suggested in 
terms of P–T and phase relations in the mantle. Magnesite is the favorable form of solid carbonate in 
phase relations in mantle rocks at depths larger than 150 km (>5 GPa) (e.g., Dasgupta et al. 2004; 
Dasgupta and Hirchmann 2006; Brey et al. 2008; Ghosh et al. 2009; Litasov and Ohtani 2009; 
Palyanov et al. 2013). Moreover, magnesite does not melt or decompose as a single phase under the 
mantle P–T conditions (e.g., Fiquet et al. 2002; Isshiki et al. 2004; Solopova et al. 2015). Although 
experimental investigations in phase relations of complex carbon-bearing systems are limited up to P–
T conditions corresponding to the mantle transition zone, the latest calculations reported that a mineral 
assemblage of MgCO3 and CaSiO3 is more stable than that of CaCO3 and MgSiO3 under the lower-
mantle conditions, suggesting that MgCO3 is the most abundant carbonate in lower-mantle 
compositions (Santos et al. 2019; Zhang et al. 2018). The stabilization of MgCO3 in the deep-lower 
mantle can be related to high-pressure phase transitions of MgCO3 (Isshiki et al. 2004; Oganov et al. 
2008; Boulard et al. 2012; Panero and Kabbes 2008; Pickard and Needs 2015; Santos et al. 2019; 
Sekine et al. 2006; Skorodumova et al. 2005; Zhang et al. 2018), which make the volume of MgCO3 
smaller and hence extend its stability field to the extreme conditions of the lowermost mantle (e.g., 
Isshiki et al. 2004; Stagno et al. 2011). 
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The phase transition of MgCO3 was first reported by Isshiki et al. (2004), showing the steep 
phase boundary on the P–T diagram at 114 GPa between magnesite and magnesite II, which is an 
orthorhombic high-pressure polymorph (Fig. 1-1). Some of the subsequent studies also reported an 
orthorhombic MgCO3 as a high-pressure polymorph of magnesite (e.g., Panero and Kabbes 2008; Liu 
et al. 2015). On the other hand, Oganov et al. (2008) and Boulard et al. (2011) suggested a monoclinic 
high-pressure polymorph, phase II, above 80 GPa although their symmetries were slightly different 
(C2/m in Oganov et al., 2008 and P21/c in Boulard et al., 2011). Phase II is composed of (C3O9)-rings 
in which three CO4-tetrahedra share three oxygen atoms (Oganov et al. 2008; Boulard et al. 2011). 
Such CO4-tetrahedral based structures are also found in high pressure polymorphs of other carbonates 
(e.g., CaCO3 post-aragonite, Mg2Fe2C4O13, Fe4C4O13 and Fe4C3O12) and carbon dioxide (e.g., Ono et 
al. 2005; Oganoiv et al. 2008; Datchi et al. 2012; Yoo et al. 2013; Merlini et al.2015; Cerantola et al. 
2017). Recent calculations using the density function theory (DFT) reported another high-pressure 
polymorph of MgCO3 with triclinic symmetry of the space group P1
−
 at pressures 85–101 GPa and at 
0 K, which can change to the C2/m phase II above 101 GPa (Pickard and Needs 2015). The stability 
of the triclinic phase is calculated under mantle P–T conditions in the latest studies (Santos et al. 2019; 
Zhang et al. 2018), suggesting that the stability of the triclinic phase is limited at lower temperature 
compared with the mantle or slab geotherms and thus magnesite can directly transform to phase II 
under mantle conditions. 
The reaction of MgCO3 and metallic iron to form diamond was reported at logfO2(ΔIW) ~ +2 
to +3 up to 45 GPa using high-P experiments (Rohrbach and Schmidt 2011; Stagno et al. 2011). The 
reducing logfO2(ΔIW) conditions from magnesite to diamond appeared to have a negative correlation 
to pressure (Stagno et al. 2011). Hence, MgCO3 can be stable at higher pressures corresponding to the 
lowermost mantle. High-P phase transitions are possible to enhance the stability of MgCO3 due to the 
pressure decrease, and to contribute to the stabilization of MgCO3 in the reduced lowermost mantle. 
In contrast, recent experiments observed the reductions MgCO3 reacting with metallic iron under P–
T conditions corresponding to the lowermost mantle (Dorfman et al. 2018; Martirosyan et al. 2019), 
although oxygen fugacity conditions of the reaction were not examined in these experiments. 
 
1.3.2. Diamond 
Diamond represents available evidence of a deep carbon reservoir in the mantle. Although 
the formation mechanisms of natural diamonds are not completely understood, redox reactions of 
oxidized C-bearing phases and crystal growths in C-bearing fluids and melts are considered to be 
related to their origin (e.g., De Corte et al. 1998; Taylor et al. 1998; Pal’yanov et al., 2005; Litvin et 
al. 2008; Harte et al. 2010; Rohrbach and Schmidt 2011; Stagno et al. 2011; Bureau et al. 2016; Smit 
et al. 2016). The majority of natural diamonds (~95 %) are carried to the surface of the Earth by way 
of kimberlite, lamproite, or lamprophyre volcanism originating from a depth of 150–250 km in the 
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subcontinental lithospheric mantle (e.g., Richardson et al. 1984; Rudnick et al. 1993; Pearson 1999; 
Stachel et al. 2005; Shirey et al. 2013). On the other hand, findings in the last two decades have 
revealed the existence of minor diamond samples from depths greater than 250 km and below, 
extending to the mantle transition zone or the lower mantle. They are so-called superdeep (,ultradeep, 
or sublithospheric) diamonds (e.g., Harte and Harris 1994; Joswing et al. 1999; Hayman et al. 2005; 
Stachel et al. 2005; Tappert et al. 2005; Brenker et al. 2007; Bulanova et al. 2010; Harte 2010; Shirey 
et al. 2013; Pearson et al. 2014; Nestola et al. 2018). It is geologically important that natural diamond 
samples often trap syngenetic mineral inclusions, which are protected from reacting with the 
surrounding mantle by the hard and inert host of a diamond capsule. Hence, they are expected to 
preserve the chemical features of the deep mantle minerals, particularly from the hidden mantle 
transition zone and the lower mantle, where the compositions are only predicted based on experiments, 
calculations, and geophysical observations (e.g., Stachel et al. 2005; Harte 2010). Periclase-wüstite 
solid solutions are the most common inclusions in superdeep diamonds (e.g., McCammon et al. 1997; 
Wirth et al. 2014; Kaminsky et al. 2015). Ex-situ spectroscopic and in-situ synchrotron chemical 
analysis including rare-earth elements (REE) have revealed the existence of the mantle transition-zone 
or lower-mantle minerals such as walstromite-structured CaSiO3 retrogressed from CaSiO3 perovskite 
(e.g., Joswing 1999; Brenker et al. 2007), and (Mg,Fe)SiO3 pyroxene from bridgmanite (e.g., 
McCammon et al. 1997; Hayman et al. 2005). 
The existence of diamonds in the Earth implies the oxidation and reduction of carbonates. 
At the depths greater than 250 km, it is indicated that diamond formations are triggered by melting of 
carbonate-bearing lithology, escape of the carbonate-bearing melts or fluids from subducted slabs, and 
reduction of the melts or fluids by exposure to the reduced ambient mantle (redox freexzing; e.g., 
Rohrbach and Schmidt 2011; Palyanov et al. 2013; Thomson et al. 2016). If the ambient mantle is 
saturated with the Fe-Ni metal, as is expected in the experimental studies and calculations due to Ni 
precipitation (e.g., Boland and Duba 1986; O’Neill and Wall 1987) or Fe disproportionation (e.g., 
Miyajima et al. 1999; Lauterbach et al. 2000; Frost et al. 2004), carbon is rather included in (Fe,Ni) 
alloys or (Fe,Ni)-carbides depending on the Fe and C amounts in the mantle (Chapter 1.3.3; e.g., 
Rohrbach et al. 2014). Fe3C and Fe-C alloys were indeed detected in superdeep diamonds (Kaminsky 
and Wirth 2011; Smith et al. 2016). Diamonds can be oxidized again when they return to surfaces with 
the up-welling mantle (e.g., Stagno et al. 2013). The oxidation of diamonds forms carbonates, resulting 
in a decrease of the melting temperature of the mantle (e.g., Dasgupta and Hirschmann 2006; Foley et 
al. 2009; Litasov and Ohtani 2009) and formation of a carbonate melt at the depths shallower than 150 
km in the MORB-source depleted mantle (Stagno et al. 2013). 
13C/12C carbon isotope ratios of natural diamonds are important evidence to understand their 
origin. 13C/12C ratio has been expressed as δ13C, showing the deviate of the isotope ratio from the 
carbon isotope ratio of the Pee Dee Belemnite (PDB) international standard in ‰. The δ13C values of 
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mantle-derived carbon is generally considered to be approximately −5 ‰ by the previous investigation 
for the various natural samples such as kimberlite, carbonatite, and diamond (e.g., Craig 1953; Javoy 
et al. 1986; Denes 2002; Cartigny 2005). Although approximately 72 % of the diamond samples are 
contained in the mantle-carbon isotope range (−8 to −2 ‰), the distribution of the carbon isotope 
composition of diamonds showed large variety from −38.5 to +2 ‰ (e.g., Kirkley et al. 1991; Cartigny 
2005). The δ13C values in the mantle range, from −8 ‰ to −5 ‰, were reported for the superdeep 
diamonds (e.g., Kaminsky et al. 2001; Stachel et al. 2009; Palot et al. 2012; Pinti et al. 2016), while 
the very light carbon isotope values, such as −30 to −20 ‰, were also found in some studies (e.g., 
Bulanova et al. 2010; Walter et al. 2011; Thomson et al. 2014). The origin of the lower δ13C values 
was suggested to the effect of subducted materials such as organic carbons (e.g., Bulanova et al. 2010; 
Walter et al. 2011; Thomson et al. 2014). Satish-Kumar et al. (2011) proposed that the carbon isotope 
fractionation between iron carbide melt and graphite or diamond results in the light carbon isotopic 
composition of some of the superdeep diamonds based on the experimental study for equilibrium 
carbon isotope fractionation in the Fe-C system, showing 12C-enrichment of the Fe-carbide melt. 
 
1.3.3. Fe-carbides/Fe-C alloys 
Fe-carbides and Fe-C alloys have been considered to comprise the carbon-bearing phases in 
the iron-saturated mantle and the core (e.g., Wood et al. 2013; Rohrbach et al. 2014). Since the 
solubility of C in Fe alloys is low (less than 2 wt%) and further decreases at high pressures (Lord et 
al. 2009; Fei and Brosh 2014; Morard et al. 2017), Fe-carbide can be carbon-bearing phases in the C-
rich conditions in the metal-saturated mantle (e.g., Dasgupta and Hirschman 2010; Rohrbach et al. 
2014). Typical Fe-carbides observed in high-pressure experiments are Fe3C (cohenite) and Fe7C3 (e.g., 
Lord et al. 2009; Nakajima et al. 2011; Fei and Brosh 2014). Although a natural observation reported 
unusual Fe-cabides, Fe2C (chalypite) and Fe23C6 (haxonite), in diamonds from the lower mantle, these 
can be important for the natural system including nitrogen (Kaminsky and Wirth 2011). A recent study 
examined the inclusions of the large gem diamonds and found the phase assemblage of (Fe,Ni)3C 
cohenite, Fe-Ni alloy, and Fe-rich sulfide coexisting with a CaSiO3 retrogressed phase, Cr-poor 
majoritic garnet, and/or CH4 fluid (Smith et al. 2016). These observations evoked the importance of 
the Fe-C system for the carbon cycle in the mantle in addition to the core. 
 
1.4. Objectives 
The importance of MgCO3 for the deep carbon cycle in the whole mantle has been recognized 
throughout the experiments, calculations, and geochemical observations as mentioned above. 
Nevertheless, the stability of MgCO3 in deep Earth is not sufficiently understood due to incomplete 
knowledge regarding the phase transitions of MgCO3 and the physical and chemical properties of their 
high-pressure polymorphs. The behaviors of MgCO3 are therefore required to be revealed under the 
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P–T–fO2 conditions corresponding to the deep mantle. In this study, I have investigated the phase 
diagram, P–V–T equation of state, and stability under metal-saturated conditions with MgCO3 based 
on high P–T experiments using a laser-heated diamond anvil cell (LHDAC) combined with in-situ 
synchrotron and ex-situ microscopic observations. 
The experimental results of MgCO3 with respect to high-pressure phase transitions are 
reported based on the in-situ and ex-situ observations in Chapter 3.1 and 3.2. There are some 
discrepancies among the previous studies regarding the phase transitions of MgCO3 such as the 
transition P–T conditions and crystal structures of the high-pressure polymorphs (e.g., Isshiki et al. 
2004; Oganov et al. 2008; Bouard et al. 2011; Picakrd and Needs 2015). The objective of the 
experiment in this study is to determine the phase diagram and a P–V–T equation of state of MgCO3 
in lower mantle conditions. The information on phase transitions and melting conditions of MgCO3, 
as well as the compressibility of MgCO3 phase II are helpful for evaluation of not only the 
thermodynamic stability under mantle P–T conditions but also the stability field of MgCO3 in terms 
of fO2 conditions. 
The stability of MgCO3 examined under the iron-saturated condition is reported in Chapter 
3.3. The laser-heating (LH) technique combined with a diamond anvil cell (DAC) is helpful in 
simulating high-pressure and high-temperature conditions above several tens GPa and 1500 K 
corresponding to the Earth interiors. Very high temperatures above 4000 K are available using LHDAC 
(e.g., Boehler et al. 2000; Tateno et al. 2010; Yang et al. 2012; Anzellini et al. 2013; Kimura et al. 
2017). One of the problems in LHDAC experiments is the thermal gradient of the sample chamber 
(e.g., Frost and McCammon 2008) due to the large thermal conductivity of diamond anvils. In 
particular, the thermal gradient is a critical issue when using the Fe-bearing system, as Fe can migrate 
to low-temperature regions due to the Soret effect (Sinmyo and Hirose 2010) and gradients of redox 
conditions can yield in the sample chamber, which are crucial for the carbon-bearing system. I 
constructed an improved method using a miniature-metal capsule in the LHDAC experiment, which 
intends to be smaller than the diameter of laser-heated spot (~30 μm). 
In addition to the investigation for the MgCO3 nature at the lower mantle conditions, I have 
conducted the experiments for the carbon isotope fractionations under high P–T conditions 
corresponding to the deep-upper mantle. The carbon isotope fractionation during diamond formation 
in the Earth is one of the issues to be resolved in order to understand the origin of diamond, especially 
coming from the sublithospheric mantle at the depths in excess of 250 km. Although the effects of 
pressure on the isotope fractionation was generally considered to be negligible for carbon, the 
knowledge is not sufficient at the high pressures in excess of 10 GPa corresponding to the depths of 
the super-deep diamond formation. In addition, the high-pressure experimental data is lack for 
carbonate-carbon-silicate systems at the stability field of diamond in spite of the importance of 
carbonated silicate melts as the growth media of diamond. The carbon isotope fractionation between 
 9 
 
diamond and magnesite was examined in a simplified carbonate-silicate system (MgCO3-SiO2) in the 
present study. 
 
Figure 1-1. P–T and P–fO2 phase diagrams of MgCO3 based on previous studies. (a) P–T phase diagram 
of MgCO3. Red outlined and solid circles represent experimental conditions detecting magnesite and 
its high-pressure polymorph, magnesite II, respectively, and red dashed lines depict phase boundaries 
in Isshiki et al. (2004). MgCO3 phase II was reported at the P–T identified by blue squares in Boulard 
et al (2011). Gray and black dashed lines are phase boundaries from MgCO3 to MgO + CO2 in Fiquet 
al. (2002) and from magnesite to MgCO3 liquid and MgO + C + O2 in Solopova et al. (2015), 
respectively. Blue dashed lines represent phase boundaries among magnesite, phase II and the triclinic 
P1(−) phase based on calculation by Zhang et al. (2018). (b) P–fO2 diagram of MgCO3. Black diamond 
and white outlined circles are pressure and logfO2(ΔIW) conditions coexisting magnesite and diamond 
in Stagno et al. (2011) and Rohrbach and Schmidt (2011), respectively. Gray dashed line depicts 
reducing conditions of magnesite to diamond expected from the above previous studies. 
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Chapter 2. Experimental Procedures 
2.1. High P–T experiments and starting materials 
High-pressure and high-temperature conditions were simulated using a double-sided 
LHDAC. Laser heating was conducted using a fiber laser (redPOWER, SPI Lasers Ltd.) with a 
wavelength of 1090 nm. The culet sizes of the diamond anvils used were between 100 μm and 300 μm 
in diameter. A 250 μm-thick tungsten plate was used as a gasket and was pre-indented to a thickness 
of 40–80-μm. A hole with one-third of the culet was drilled into it to serve as a sample chamber using 
an Nd:YAG laser (H320, λ = 1064 nm, Japan Laser Co.) at Tohoku University. A natural magnesite 
crystal from Brazil, Bahia or a synthetic ferro-magnesite crystal were used as the source materials. 
The synthesis of the ferropmagnesite was conducted at Bayerisches Geoinstitut (BGI) at the University 
of Bayreuth in Germany. The composition of the natural magnesite crystal was determined to be 
Mg0.996Fe0.002Ca0.002CO3, and the composition of the synthetic ferromagnesite was determined to be 
Mg0.77Fe0.22Mn0.01Ca0.01CO3. Pieces of the single magnesite crystal were ground in an agate mortar for 
1 h to obtain powdered magnesite. A grain of ferromagnesite single crystal of the diameter of ~100 
μm was picked up and broken using an agate pestle to less than 10-μm pieces. Natural magnesite 
powder was loaded into the sample chamber by sandwiching platinum (platinum black; Mitsuwa Co., 
purity 99.9 %) or gold (Mitsuwa Co., purity 99.9 %) thin foils that play the roles of laser absorbers 
and pressure gauges in the experiments. The experiments were run to determine the phase diagram 
and equation of state of MgCO3, as mentioned above (MGSHP runs, Chapter 3.1 and 3.2). The Pt or 
Au metal foils were made by compressing metal powder using DAC.  
 
Synthesis of ferromagnesite 
The ferromagnesite sample was synthesized using a 1000-ton multi-anvil high-pressure 
apparatus (Hymag) at BGI. The starting materials were powders of the natural magnesite from Bahia, 
Brazil and a natural siderite from Minas Gerais, Brazil. Each carbonate was ground for one hour in an 
agate mortar and then their powders were weighted and mixed in order to make a 4:1 molar ratio 
powdered mixture of magnesite and siderite, respectively. The powdered mixture was ground in an 
agate mortar for one hour. The synthesis was conducted using the standard BGI 14/8 assembly, which 
included Cr2O3-doped MgO octahedron pressure media with an edge-length of 14 mm and a tungsten 
carbide anvil with an 8-mm edge-length truncation. The sample mixture was loaded into an Au75Pd25 
capsule, which was placed at the center of a cylindrical LaCrO3 heater. The thermocouple was not 
inserted into the experimental cell. The sample assembly was pressurized to 16 GPa, held at 1500 K 
for 3 h, and then quenched to room temperature by shutting off the power. 
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2.2. In-situ observations 
Synchrotron X-ray diffraction 
The run products were investigated using in-situ synchrotron X-ray diffraction (XRD) at 
beamline BL10XU of SPring-8 (Ohishi et al. 2008). The fiber-laser-heating system was equipped in 
the experimental hatch of BL10XU. The sample was compressed to a target pressure at room 
temperature and heated with or without acquisition of XRD patterns. The size of the incident X-ray 
beam at a sample position was focused to 10 μm in a broad beam and 2–3 μm in a micro beam at 
FWHM using X-ray lenses. The typical wavelength of the X-ray was 0.4155(2) Å. An imaging plate 
(IP; R-AXIS IV++, Rigaku) or a flat panel detector (FPD; XRD0822, Perkin Elmer, Inc.) was used to 
acquire two-dimensional (2D) XRD images of the samples. Two-dimensional XRD images were 
converted to integrated one-dimensional (1D) XRD patterns using the IPAnalyzer software (Seto et al. 
2010), and each peak in the 1D patterns was fitted using a symmetric pseudo-Voigt line shape function 
using the PDIndexer software (Seto et al. 2010). The volumes of MgCO3 high-pressure polymorphs 
were fitted based on thermal equations of state using the EoSFit7 software (Gonzalez-Palatas et al. 
2016). 
 
Pressure and temperature measurements 
Experimental pressures were determined based on the Birch-Murnaghan equations of state 
using unit-cell volumes and synchrotron XRD and thermo-elastic parameters of reference materials in 
sample chambers. Platinum or gold were used for the reference materials in the MGSHP runs (Fei et 
al. 2007; Kamada et al. 2019; Matsui et al. 2009; 2010) and MgO was used for those in the FEMGS, 
FEFMGS01, and NIMGS01 runs (Tange et al. 2009). Thermal pressures were calculated using the 
Mie–Grüneisen–Debye model (e.g., Jackson 1996; Suzuki 1975). The pressure errors were calculated 
based on the errors of the EOS parameters of Pt and Au and fitting errors of unit cell volumes of Pt. 
The influence of temperature deviations on errors of thermal pressures was also considered. 
Experimental temperatures were the estimated using radiation from the heated samples: the emission 
spectra of the radiation were fitted to Planck's law for the gray body. 
. 
2.3. Ex-situ examinations 
Transmission electron microscopy 
Recovered samples were examined using a field-emission transmission electron microscope 
(FE-TEM; Titan-G2 80-200, FEI and CM20FEG, Philips; 200 kV accelerating voltage) and a scanning 
transmission electron microscope with EDS (STEM/EDS; Titan-G2 80-200, FEI) at BGI. Lamellas 
were prepared from the sample recovered after quenching from 100–180 GPa to ambient conditions 
using a FIB at Tohoku University and dual-beam FIB (Scios DualBeam, FEI) at BGI. Typical pixel 
dwell time of scan were 10 μs and typical count rates were ~7000–8000 counts/s for elemental maps. 
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Qunatifications of elemental ratios were conducted based on map results by correcting thickness of a 
lamella (150 nm) and density of samples. The samples were initially caved at Tohoku University, and 
the lamellas (30−45 μm × 2 μm × 10 μm) were extracted from the center of the heated spot of the 
sample chamber using a manipulator equipped with a dual-beam FIB at BGI. The lamellas were then 
fixed on a copper grid using a manipulating system equipped with the dual-beam FIB. Finally, 
platinum was deposited on the lamellas, and thinned to a thickness of approximately 150 nm using the 
FIB. 
 
Raman spectroscopy 
Raman spectra of a sample during decompression at 8–82 GPa and a recovered sample after 
quenching to the ambient condition were acquired using a micro Raman spectrometer (NRS-4100SR, 
JASCO Co.) at Tohoku University. The typical exposure time was 180−360 s, and 3 spectra were 
integrated to obtain one spectrum. The resolution of wave number was within ±2 cm-1. The wavelength 
and the output power of laser were 532 nm and 20 mW, respectively. The pressure was determined 
based on the Raman shift of the diamond T2g mode from a surface contacted with a sample of a 
diamond anvil (Akahama and Kawamura 2004). 
 
2.4. Principles of equations of state and Gibbs free energy 
Equation of state for solid phases 
Equations of state for solid phases were used in order to determine pressure conditions and 
understand the pressure and temperature dependence of volume in the high-pressure phases. Typical 
equations of state of solid phases used in high-pressure experiments are the Birch-Murnaghan equation 
of state (BMEOS; eq. 2-4), 
 P  = 
3
2
KT0 [(
V0
V
)
7
3
 - (
V0
V
)
5
3
] {1 - 
3
4
(4 - K'T0) [(
V0
V
)
2
3
 - 1]} , (2-1) 
where P is the experimental pressure in GPa, V is the experimental volume in Å3, obtained using 
synchrotron XRD, V0 is the volume at zero pressure in Å3, KT0 is the isothermal bulk modulus at zero 
pressure in GPa, and K´T0 is the pressure derivative at room temperature. 
V0 is sometimes difficult to constrain by fitting to the non-linear finite strain equations of 
state for high-pressure phases (i.e., BMEOS) which could not be quenched to the ambient condition 
due to uncertainties caused by the fitting. The g−G plot (Jeanloz 1981) can be an efficient method in 
such cases to estimate the V0 value of high-pressure polymorphs by fitting volume data to the linear 
finite strain equation of state. Experimental pressures at high temperatures are obtained by estimating 
a thermal pressure, Pth, using the Mie–Grüneisen–Debye model (e.g., Fei et al. 1992; Jackson et al. 
1996). 
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The temperature effect on volumes of observed phases is evaluated more simply using the 
thermal BMEOS, described as follows: 
  P = 
3
2
KT [(
V0T
V
)
7
3
− (
V0T
V
)
5
3
] {1 - 
3
4
(4 - KT´) [(
V0T
V
)
2
3
 - 1]} , (2-2) 
where V0T, KT, and KT´ are the volume at zero pressure in Å3, isothermal bulk modulus in GPa, and its 
pressure derivative, respectively, at a temperature T in K. KT´ was assumed to be constant and the same 
value as KT0´. The V0T and KT are represented by the following equations, 
 V0T = V0exp [∫ α dT
T
T0
] ,               (2-3) 
KT = KT0 + (
∂KT
∂T
)
P
(T - T0), (2-4) 
where α and (∂KT/∂T)P represent a volumetric thermal expansion coefficient and temperature 
derivative of KT, respectively. The volumetric thermal expansion coefficient is described as, 
 α =
1
V
(
dV
dT
)
P
, (2-5) 
The volumetric thermal expansion coefficient was estimated by assuming a linear formula for 
temperature, α = α0 + α1T, or a constant α, because the number of the present experimental data sets at 
high temperatures was not sufficient for fitting using complex equations. 
 
Gibbs free energy and oxygen fugacity 
The oxygen fugacity in a system is estimated based on a reaction relating to the generation 
or consumption of free oxygen, such as 2MOx = 2M + xO2 for a metal and its oxide. A Gibbs free 
energy for a pure substance is described as, 
 G[T, P] = G○ + ∫ V[T, P]
P
P0
dP. (2-6) 
where G○ = G[T, P0] is the standard Gibbs free energy at zero temperature, T0, and zero pressure, P0, 
in kJ, Cp is the molar heat capacity at constant pressure in kJ·mol-1, and S○ is the standard entropy. The 
temperature dependence terms of is summarized in, 
Since Gibbs free energy of a system is described as G = ∑niμi using the chemical potential of 
component i, μi = (∂Gi/∂ni) for the molar number ni, the change of the Gibbs energy resulting the redox 
reaction of metal-metal oxide is represented as, 
∆G = ∆G○ + ∫ ∆VS
P
P0
dP + xRT ln f
O2
, (2-7) 
where ΔG○ is the change of the Gibbs free energy at T and P0, ΔVS is the volume change of the solid 
phases at T and P, and R is the gas constant. Considering the equilibrium, the logarithm of fO2 is 
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described as follows, 
log f
O2
= -
1
xRT ln 10
(∆G○ + ∫ ∆VS
P
P0
dP) . (2-8) 
The metal phase M and the oxide MOx are considered to be included in solid solutions in a real system 
such as Fe-Ni alloy or (Mg,Fe)O ferropericlase. The chemical potential of the component i in the solid 
solution (ss) is described as 
μ
i
ss = μ
i
 + RT ln ai  = μi + RT ln γiXi (2-9) 
where ai and Xi are the activity and the molar ratio of the component i in the solid solution ss, 
respectively, μi is the chemical potential of the endmember of the component i, and γi is the activity 
coefficient assumed any mixing model. Equation 2-8 can be modified using equation 2-9 in the case 
of the metal and oxide solid solutions, 
log f
O2
 = -
1
xRT ln 10
(∆G○+ ∫ ∆VS
P
P0
dP)  + 2 log aM
alloy
 − 2 log aMOx
oxide . (2-10) 
Considering the difference of the logfO2 from a metal-metal oxide buffer, ΔMMO, the first term is 
canceled out in equation 2-10, 
log f
O2
(∆MMO) = 2 log aM
alloy - 2 log aMOx
oxide . (2-11) 
The experimental fO2 conditions are estimated as a deviation from the iron-wüstite buffer (ΔIW) based 
on equation 2-11 by measuring the FeO content in ferropericlase (or magnesiowüstite) and the Fe 
content in a Fe-bearing metal alloy. 
 
2.5. Isotope ratio analysis of carbon-bearing phases 
High P–T experiments 
Starting material for the investigation of carbon isotope fractionation was a powdered 
mixture of the natural magnesite from Bahia, Brazil (see above), sp-2 graphite, and reagent-grade 
quartz (Wako Co.). These samples were mixed to be molar ratio of 53:30:17. The ratio of MgCO3 and 
SiO2 was determined in order to obtain as much liquid and as much carbon amount from carbon as 
possible: The molar ratio of MgCO3 and SiO2 of 3:1 is expected to be close to the eutectic composition 
in the MgCO3-SiO2 system at 10 GPa based on Kakizawa et al. (2015). 
The high P–T experiments were performed using a 1000-ton Kawai-type multi-anvil high-
pressure apparatus (Maekawa) at Tohoku University. The truncation edge length of tungsten carbide 
anvils for compression were 8 mm. Pyrophyllite was used as gaskets. The pressure media was made 
of a Cr2O3-doped MgO octahedron with an edge length of 14 mm. The powered mixture of the sample 
was loaded into an MgO capsule with an inner diameter of 1.8 mm and with an outer diameter of 2.6 
mm and then placed at the center of a LaCrO3 cylindrical heater. No sleeve was inserted between the 
capsule and the eater in order to gain as much amount of sample as possible for the isotope ratio 
analysis. The heater was placed in a ZrO2 sleeve and Mo electrodes were placed at the both sides of 
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the heater. Temperature measurements were conducted using a W97Re3-W75Re25 thermocouple 
inserted into the cell assembly with the junction located on the MgO capsule. Heating was conducted 
after the aiming pressure and temperature was quenched to room temperature by shutting off the power. 
Recovered samples quenching after high pressure to the ambient condition were cut into two 
halves. One half was polished for examinations of texture and composition using the SEM/EDS (SEM: 
S3400N, Hitachi Ltd., 15 kV accelerating voltage; EDS: x-act, Oxford Instruments PLC) and 
identification of the phases using the Raman spectrometry (NRS-4100SR, JASCO Co.) at Tohoku 
University. 
 
Isotope ratio mass spectroscopy (IRMS) 
The stable isotope analysis of carbon-bearing phases were performed using a conventional 
gas source isotope ratio mass spectrometer (MAT-251, Thermo-Quest Co. Ltd.) at Niigata University. 
The graphite or diamond and a vanadium pentoxide powder was mixed in the petri dish and the powder 
mixture was divided into three parts. Each part of the mixture of diamond/graphite and V2O5 were 
introduced into a silica-glass tube heated in advance at 1100 °C for 11 h. The sealed tubes were heated 
in a furnace at 1000 °C for 2 h for graphite and 1100 °C for 5 h for diamond in order to oxidize all 
samples to CO2 gas by reacting with V2O5. The CO2 gas was released from the sealed tube by cracking 
the tube under vacuum condition at an inlet system of MAT-251 mass spectrometer (Wada et al. 2008). 
Carbonates were separated from the mixed sample of the carbonates and graphite/diamond using a 
carbonate reaction system equipped with MAT-251 mass spectrometer (Wada et al. 2008). Each sample 
mixture was loaded into a stainless-steel holder, and each of the holder with sample was dropped into 
the reaction vessel containing the phosphoric acid. A carbonate reacts with the concentrated 
phosphoric acid and releases CO2 gas. 
The temperature of the acid reaction vessel is kept constant and is able to be adjusted by the 
outer oil bath, and the temperature was set to 60 °C for calcite and 100 °C for magnesite to promote 
the reaction between carbonates and the acid. Since graphite or diamond was not react with phosphoric 
acid to release CO2, the carbon from the carbonates were able to be separated from graphite or diamond. 
The isotope ratio was estimated as δ notation relative to the PDB standard for carbon, 
δ13C = 
13C/12Csample - 13C/12CPDB
13C/12CPDB
, (2-12) 
where δ13C is isotope ratio of carbon, and 13C/12Csample and 13C/12CPDB are measured 13C/12C ratio 
for a sample and 13C/12C ratio of PDB standard, respectively. Actual measurements use other samples 
as reference standards and the obtained values are converted to the ratio for the PDB standard. 
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Chapter 3. Results and Discussion 
3.1. Phase diagram of MgCO3 
3.1.1. Synchrotron XRD measurements 
XRD patterns were obtained at pressures from 63 to 183 GPa and at temperatures from 300 to 
5880 K. Two phase transitions of MgCO3 were observed at approximately 90 GPa and above 100 GPa, 
where rhombohedral magnesite could transition to the triclinic P1
−
 phase and monoclinic phase II, 
respectively.  
The diffraction peaks that appeared above 100 GPa were well-explained by the MgCO3 phase 
II (Fig. 3-1). MgCO3 phase II, a monoclinic phase, has been reported in previous experiments and 
calculations; however, its space group is controversial (e.g., Boulard et al. 2011; 2012; Oganov et al. 
2008; Pickard and Needs 2015). The present diffraction patterns were more consistent with space 
group C2/m reported by some DFT calculations (Oganov et al. 2008; Pickard and Needs 2015; Santos 
et al. 2019) and an experimental study (Oganov et al. 2008), than the P21/c obtained via experimental 
studies (Boulard et al. 2011; 2012). It was possible for phase II to be quenched to room temperature 
under high-pressure conditions, but it was not possible for it to be recovered to ambient conditions. 
The melting P–T conditions of the MgCO3 phase II were examined at 154−183 GPa and 
3040−5880 K in run MGSHP10 and 100–109 GPa and 2000–2500 K in run MGSHP16 using gold 
and platinum laser absorber, respectively. The melting temperature was determined based on the 
relation between the laser power and temperature and the change of the XRD patterns (e.g., Andrault 
et al. 2012; 2014; Kimura et al. 2017). A relation between temperature and laser power (or opening 
width of an aperture) was used as the criteria for melting based on the observation of a temperature 
plateau or drastic increase due to a latent heat of melting and/or the movement of a melt from a heated 
spot (e.g., Hirose et al. 1999; Lord et al. 2009; Kimura et al. 2017). Heating temperatures did not 
increase with an increase in laser power at approximately 3000 K at 110 GPa and 3400 K at 160 GPa, 
demonstrating a temperature ‘plateau’ in the laser power versus temperature profile (e.g., Lord et al. 
2009; Kimura et al. 2017). The plateau is possibly caused by the melting (or decomposition) of MgCO3.  
The high-pressure phase different from the MgCO3 phase II was observed at approximately 
90 GPa. The new phase was always observed to coexist with magnesite and/or phase II at 90–100 GPa, 
which suggest that the stability field of the phase is restricted to a narrow pressure range at 
approximately 90 GPa. It appeared upon heating above 1840 K and quenching to room temperatures. 
A candidate for the new phase is the triclinic MgCO3 high-pressure phase (space group P1
－
) reported 
based on the recent DFT studies (Pickard and Needs 2015; Santos et al. 2019; Zhang et al. 2018). The 
reported triclinic phase can appear for the phase transition of magnesite and is more stable than 
magnesite and phase II in the pressure range from 85 GPa to 101 GPa at 0 K (Pickard and Needs 2015). 
The narrow pressure range at approximately 90 GPa where the new phase was observed corresponds 
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to the stable pressures of the triclinic MgCO3 phase (i.e., 85–101 GPa) in Pickard and Needs (2015). 
 
 
 
Figure 3-1. 1D XRD pattern and 2D XRD image of MgCO3 phase II at 109 GPa and room temperature. 
(a) One-dimensional XRD pattern and (b) two-dimensional XRD image obtained at 109 GPa after 
quenching from heating at 2360 K and 118 GPa to room temperature. The bars shown in blue, green, 
gray, and black indicate the diffractions from the MgCO3 phase II (MgsII), magnesite (Mgs), gold 
(Au), and tungsten (W), respectively. 
 
 
3.1.2. TEM observations of the melting texture in the recovered sample 
In the recovered samples, quenching was observed from approximately 100 GPa and 4000 
K (run MGSHP04) and from 180 GPa and 6000 K (run MGSHP10) to ambient conditions using TEM 
in order to examine the melting texture and reaction products (Figs. 3-2,3). The high-angle annular 
dark field (HAADF) image of the run (quenched from 100 GPa and 4,000 K) shows existence of an 
amorphous-like region exists in the upper side of the sample where there was contact with the diamond 
anvil in addition to large columnar crystals and small granular crystals are observed in the middle 
region and lower side, respectively (Fig. 3-2). The small crystals near the diamond anvils in the lower 
region in Figure 3-2 can be interpreted as being attributed to the pressure effect because these regions 
were possibly unheated or chilled due to the very high thermal conductivity of diamond anvils. In 
contrast, the large crystals at the middle of the sample chamber could represent the influence of grain 
growth from melts subsequent to heating. Bright particles with a diameter of 5–15 nm were observed 
in the HAADF images, which reflects the contrast of the Z number, suggesting the presence of Pt (Fig. 
3-2a). The Pt foil was considered to change to nano-particles on heating and was scattered around the 
sample texture, probably due to melting. The Pt nano-particles were distributed in the magnesite large 
 18 
 
crystals and amorphous-like regions. The spherical shape of the Pt particle was probably not formed 
by percolation of Pt melts into the crystal textures and was alternatively considered to be generated by 
quenching from Pt melts under the existence of the MgCO3 melt or fluid. Hence, the Pt particles 
present in the large MgCO3 crystals were evidence in the crystal growth of MgCO3 in the melt of the 
sample. 
The cross-section TEM images for the sample chamber quenching from 183 GPa and 5880 
K reveals an ellipse molten region containing quenched glass or nm-order particles at the center of the 
sample chamber (Fig. 3-3). The elemental map in the molten region and the presence of nano-meter 
particles in the HAADF image suggest a higher concentration of Au than that of the non-melted region 
and a higher contrast compared to the surrounding matrix, respectively. These observations show that 
both MgCO3 and Au were melted up to 5880 K, which is consistent with the present results for the 
temperature vs. laser power profile and the diffraction images and reported melting temperature of 
gold (Smirnov 2017).  
 
 
 
Figure 3-2. HAADF and SAED images of the recovered sample after quenching from 103 GPa and 
4150 K acquired using STEM/EDX. (a) High-angle annular dark field (HAADF) image of the melted 
area of the recovered sample after quenching from 103 GPa and 4150 K. The lower figures show 
selected-area electron diffraction (SAED) images show (b) an amorphous-like area at the upper region, 
(c) large grains in the middle region and (d) small grains in the lower region of the HAADF image. 
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Figure 3-3. HAADF and DF images of the recovered sample after quenching from 183 GPa and 5880 
K. (a) HAADF and (b) DF images of the melted area at 183 GPa and 5880 K. The elliptic melted area 
is filled with nano-ordered grains of MgCO3 and Au. 
 
 
3.1.3. Phase diagram of MgCO3 
The predicted phase diagram of MgCO3 as shown in Figure 3-4 was obtained based on the present 
results at pressures up to 160 GPa. The triclinic P1
−
 phase can appear from the phase transition of 
magnesite during subduction at a depth of 2000 km if magnesite survives in subducted slabs. 
Subducted slab geotherms are not sufficiently understood down to depths of the lower mantle, however, 
slab temperatures were expected to be lower than the surrounding mantle temperautres by several-
hundred K in the upper mantle or mantle transition zone (e.g., Kirby et al. 1996; Eberle et al. 2002; 
Komabayashi et al. 2004; Syracuse et al. 2010). Therefore, MgCO3 in subducted slabs can survive as 
a solid phase down to depths just above the CMB. 
 
 
 
Figure 3-4. Phase relation of MgCO3 under the lower-mantle P–T conditions. Dashed red, blue, and 
gray lines represent the phase boundaries between magnesite and the post-magnesite phase (this study), 
the phase boundaries between the post-magnesite and the phase II (this study), and 
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melting/decomposition curves of magnesite in Solopova et al. (2015), respectively. Existence of the 
post-magnesite, phase II, and melting conditions determined by the temperature plateau are 
represented by red circles, blue squares, and blue outline circles, respectively. L describe in blue and 
gray represents the stability field of the MgCO3 (or MgO-CO2) liquid formed by the melting of the 
phase II in the present study and magnesite reported in Solopova et al. (2015), respectively. Blue solid 
lines are melting curve of MgCO3 estimated using fit of the three melting conditions (107 GPa and 
3000 K, 158 GPa and 3400 K, and 89 GPa and 2640 K) to the Simon’s equation. Orange zone depicts 
possible P–T conditions in the lower mantle reported in Andrault et al. (2016) based on Katsura et al. 
(2010). Gray bold line represents pressure condition corresponding to the core-mantle boundary 
(CMB). 
 
 
3.2. Compressibility of MgCO3 phase II 
Compression curves of MgCO3 phase II were estimated based on the volume data acquired 
from XRD patterns in this study and in Maeda et al. (2017). The quality of the diffraction data obtained 
this investigation was not sufficient for analysis by the Rietveld method due to the spotty patterns and 
an inadequate number of peaks to optimize the monoclinic lattice. However, some of the diffraction 
patterns could be fitted by assuming the space group of C2/m without refining the integrated intensity. 
The volume data for phase II are fitted to the BMEOS (eq. 2-1). The V0 value of phase II is estimated 
based on a g−G plot (Jeanloz 1981), which is used for the estimation of the V0 value of high-pressure 
polymorphs by fitting volume data to the linear finite strain equation of state. The fit to g−G plot 
results in V0T =470(2) Å3 and V0T =454(16) Å3 for the second and third-order strains, respectively. 
When the average V0T value, V0gG = 462(8) Å3, from the second and third-order g−G plots was set to 
V0T for the third-order BMEOS (3BMEOS) (Mao et al. 1990; Kamada et al. 2018), KT0 = 232(6) GPa 
and K´T0 = 4.1(2) were obtained, respectively (Fig. 3-5).  
The unit cell volumes of phase II were obtained in the some XRD patterns at high 
temperatures. The thermal BMEOS (eq. 2-2) of phase II was hence approximated based on the third-
order BMEOS parameters acquired at room temperature and the high temperature dataset in order to 
evaluate the thermodynamic stability of phase II. Since the number of unit cell volumes at high 
temperatures was not sufficient for fitting using complex equations, the thermal expansion coefficient 
α (eq. 2-5) was assumed to either have a linear dependency on the temperature or to be a constant 
value. The temperature dependence of the bulk modulus, ∂K/∂T, shows a positive value as a result of 
the fit in both cases of linear temperature dependency and constant value of α, when the initial values 
of the parameters were set to be zero. This an unusual behavior would be caused by a deficiency in 
the number and the quality of volume data at high temperatures. The fit applying the initial (∂K/∂T), 
α0, and α1 values of magnesite in the study of Litasov et al. (2008) yields a negative (∂K/∂T) and higher 
volume values at the high-temperature compression curves than the fit conducted at the room-
temperature 3BMEOS. This means that the fit of the parameters of phase II has several answers and 
 21 
 
hence the fitted parameters were modified depending on the initial fitted parameters. 
The stability of the MgCO3 phase II under redox conditions is likewise estimated as the 
difference from those of magnesite based on the EOS parameters. The cross-over of the Gibbs free 
energy between magnesite and phase II is assumed to occur at 80 or 90 GPa regardless of temperature 
based on the present results and previous calculations (Pickard and Needs 2015; Santos et al. 2019). 
The calculations of ΔlogfO2 imply that phase transition clearly enhances the stability of MgCO3 down 
to ΔlogfO2 = −1 to −2 under the lowermost-mantle conditions. An experiment performed at lower 
pressures revealed that the logfO2 of the magnesite reduction compared to iron-wüstite buffer (ΔIW) 
was logfO2(ΔIW) = 2.16(80) at 45 GPa and 1973 K (Stagno et al. 2011). The stability field of the 
MgCO3 phase II was estimated by linearly extrapolating the magnesite-diamond boundary up to 
pressure corresponding to the CMB (136 GPa) based on the P–fO2 relations in Stagno et al. (2011) and 
Rohrbach and Scmidt (2011), and then by summing the ΔlogfO2(MgsII−Mgs) to the extrapolated 
boundary of stability fields between magnesite and diamond above 90 GPa (Fig. 3-6) The present 
estimations at 2000 K and at 2600 K showed that the stability field of MgCO3 extends to the reduced 
lower mantle saturated with Fe-Ni metal at approximately 125 GPa and 2000 K and at approximately 
135 GPa and 2600 K (e.g., Frost et al. 2004) via the phase transition. 
 
 
Figure 3-5. Compression curve of MgCO3 phase II based on the third-order Birch-Murnaghan equation 
of state. The compression curves of magnesite and phase II at room temperature and pressures 
corresponding to the entire mantle based on the Birch-Murnaghan equation of state. The dashed line 
represents the compression curve of magnesite, obtained by compiling the data of this study, Fiquet et 
al. (2002), and Litasov et al. (2008). The blue squares and red triangles represent the volumes of the 
phase II and the post-magnesite phase, respectively. 
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Figure 3-6. Reducing conditions of MgCO3 under P–T–fO2 conditions in the lower mantle. Black 
outlined circles and diamonds represent the experimental results showing the coexistence of magnesite 
and diamond at 1800–2000 K reported by Rohrbach and Schmidt (2011) and Stagno et al. (2011), 
respectively. Black dashed line is a magnesite-diamond boundary estimated using a linear fit of the 
previous experimental results and magnesite-phase II boundary assumed at 90 GPa. Dashed blue and 
red lines represent phase II-diamond boundaries based on the α of BMEOS from the parameters of 
magnesite at 90 GPa and 2000 K and 2600 K, respectively. Solid blue and red lines represent phase 
II-diamond boundaries based on the independent α of temperature of BMEOS from the parameters of 
magnesite at 90 GPa and 2000 K and 2600 K, respectively. Gray dashed line represents an 
extrapolation of the magnesite-diamond boundary to lowermost^mantle conditions based on linear fit 
of the present results. Gray shaded zone depocts uncertainties of estimateions of the reduing conditions 
of MgCO3. Ogrange shaded zone indicates the iron-saturated lower mantle conditions. 
 
 
3.3. Stability of MgCO3 under reduced lower-mantle conditions 
3.3.1. Run using Fe capsule with H2O 
FEMGS01 
The heating temperature increased gradually from 1720 K for 7 min to 1950 K for 17 min, 
and finally to 2150 K for 37 min. The temperature profile exhibited small temperature fluctuation 
throughout the total heating durations of 61 min. Fe7C3 was observed as a product of the reaction 
between MgCO3 and Fe at 1950 K and 2150 K. Strong peaks from face-centered cubic (fcc) γ-FeHx 
were observed in the XRD pattern at 1720 and 1950 K. The γ-FeHx was probably generated by a 
reaction of Fe and H2O contamination in the sample chamber. The possible source of H2O was the 
MgO pressure media, which can contain H2O as absorbed water on the surface because of the large 
surface area of the powdered sample. The diffraction peaks from γ-FeHx disappeared from the XRD 
patterns above 2510 K, as γ-FeHx was possibly react with the carbonate to change to FeO or Fe7C3 and 
H2. The inside of the capsule appeared to be divided into Fe-rich and Fe-poor regions based on the BF 
and HAADF images (Figs. 3-7) and element maps (Fig. 3-8). The Fe-C compounds and diamond were 
observed as carbon hosts in the Fe-rich and Fe-poor zones, respectively. The large C amounts in the 
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Fe-C compounds indicate that at least some of the Fe-C compounds exist as Fe7C3. The interstitial 
grains of the Fe-C compounds are revealed to be (Mg0.70Fe0.30)O ferropericlase based on the 
quantitative analysis. Carbon hosts in the Fe-poor region was the Fe-C compound (probably Fe7C3) 
and diamond. The diamonds were obviously observed as C-rich grains at diameters of several nm to 
approximately 1 μm in the EDS mapping (Fig. 3-8b). The composition of the ferropericlase grains was 
calculatred to be (Mg0.92Fe0.08)O in the Fe-rich region. 
 
 
 
 
Figure 3-7. BF images in the recovered sample from 100–120 GPa and 1720–2150 K. The BF images 
of (a) the Fe-rich region (with Fe-poor region) and (b) Fe-poor region of the recovered sample after 
quenching from 100–120 GPa and1720–2150 K to the ambient condition in run FEMSG01. 
 
 
 
Figure 3-8. Element distribution maps in the recovered sample from 100–120 GPa and 2150 K. The 
elemental maps of (a) the Fe-rich region and (b) Fe-poor region of the recovered sample after 
quenching from 100–120 GPa and 1720–2150 K to the ambient condition in run FEMSG01. The 
concentrations of Mg, Fe, and C are represented by green, blue, and red, respectively. 
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3.3.2. Runs using Fe capsule without H2O 
The TEM images of the recovered sample after quenching from 111 GPa and 2510 K (run 
FEFMGS01) represented the texture composed of the unheated MgO edges, deformed MgO crystals, 
larger grains of (Mg,Fe)O, and the inside of the capsule. The unheated edges are revealed to a 
consistency of very small grains of (Mg0.995Fe0.005)O based on the elemental map (Fig. 3-9) and 
recorded only effects of grain refining due to compression. The relatively large (Mg0.90Fe0.10)O 
ferropericlase grains grew to 1–2 μm in diameter surrounding the charge of the capsule. The inside of 
the capsule includes diamond, the Fe-C compounds, and (Mg0.93Fe0.07)O ferropericlase, detected by 
the elemental map (Fig. 3-9). The atomic ratio of C for (Fe + C) was calculated from the small amount 
of Mg and O to be 31(4) at.%. This value is consistent with the amount of C in Fe7C3 and hence the 
Fe-C compounds at the center of the capsule are considered to be mainly composed of Fe7C3. 
 
 
 
 
Figure 3-9. HAADF image and element distribution map of the recovered sample after quenching 
from 100–110 GPa and 2230–2510 K in run FEFMGS01. (a) HAADF image and (b) elemental map 
at the center of the capsule in the recovered sample after quenching from 96–111 GPa and 2230–2510 
K to the ambient condition in run FEFMGS01. The concentration of Mg, Fe, and C are represented in 
green, blue, and white, respectively. 
 
 
FEMGS08 
The decomposition of magnesite was also observed in the recovered sample from 103 GPa 
and 2260 K (run FEMGS08). The HAADF image and electron maps indicate that the inside of the 
capsule is crammed by diamond grains and the (Mg0.71Fe0.29)O matrix (Figs. 3-42,43). Since only 
MgCO3 was loaded into the capsule in this run, the Fe-rich ferropericlase is a reaction product of 
MgCO3 and Fe diffused from the capsule. One of the differences in the FEFMSG01 is that fractures 
of metallic iron alloys or the Fe-C compounds do not exist in the capsule. The reason behind the lack 
of metallic phase or Fe-carbide is attributed to the more oxidized condition in this run compared to 
run FEFMGS01. These conditions made the inside of the capsule more oxygen-rich and hence the 
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metallic iron was oxidized to FeO. The textures of the surrounding MgO pressure medium were 
asymmetric at the upper and lower sides of the capsule as shown in Figures 3-10 and 3-11. A large 
single crystal of (Mg0.87Fe0.13)O ferropericlase in a diameter larger than 5 μm exists at the lower side 
of the capsule. A fracture of the Fe-C compound is observed at the lower region of the large 
(Mg0.87Fe0.13)O crystal (Fig. 3-10). The atomic ratio of C/(Fe + C) was calculated to 41 at.%, and thus 
this fracture was considered to represent Fe7C3 despite the slightly larger amounts of C in the analytical 
result. The (Mg0.96Fe0.04)O pressure medium at the upper side was composed of small grains. 
 
 
 
Figure 3-10. HAADF image of the recovered sample after quenching from 87–103 GPa and 2260 K 
in run FEMGS08. The HAADF image of the entire capsule in the sample chamber after quenching 
from 87–103 GPa and 2260 K to the ambient condition in run FEMGS08. 
 
 
Figure 3-11. HAADF image and element distribution map of the recovered sample after quenching 
from 103 GPa and 2260 K in run FEMGS08. (a) The HAADF images and (b) elemental map of the 
recovered sample after quenching from 87–103 GPa and 2260 K to the ambient condition in run 
FEMGS08. The concentrations of C, Mg, and Fe are represented in white, green, and blue, respectively. 
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FEMGS05 
The capsule was examined after quenching from 93 GPa and 2160 K in run FEMGS05. The 
existence of the Cu-rich regions is indicated in addition to magnesite and the Fe-C compounds in the 
capsule based on the TEM examinations (Figs. 3-12, 13). The Cu could possibly arise from the Cu 
stage used in FIB, that the Fe foil was placed during the fabrication of the capsule. Magnesite was also 
detected in the capsule. The quantitative analysis of the Fe-rich region including the Fe-C compounds 
detected certain amounts of C (17 at.%), O (40 at.%), and Mg (22 at.%). Hence, the Fe-rich region 
was composed of the Fe-C compounds, Fe-O alloys, (Mg,Fe)O, carbonate, and/or any oxides 
containing Fe3+. 
 
 
Figure 3-12. DF image and element distribution map of the recovered sample after quenching from 93 
GPa and 2160 K. (a) The DF image and (b) elemental map of the recovered sample after quenching 
from 93 GPa and 2160 K in run FEMGS05. The concentrations of C. Mg, Fe, and Cu are shown by 
red, green, blue, and light blue colors in the map. 
 
 
Figure 3-13. BF image at the boundary of magnesite-rich and Fe-rich regions after quenching from 93 
GPa and 2160 K in run FEMGS05. The BF image acquired at the boundary region of the magnesite-
rich and Fe-rich region in the recovered sample after quenching from 93 GPa and 2160 K. The textures 
observed in the low-contrast Fe-C compounds are considered to reflect those of ferropericlase (Fper) 
below the thin layer of Fe-C compounds. 
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3.3.3. NIMGS01 run using Ni capsule 
The existence of magnesite is also observed in the run using the Ni capsule (NIMGS01) 
after quenching from 119 GPa and 2190 K (Figs. 3-14,15). The magnesite-rich region in the capsule 
is revealed to have an almost pure MgCO3 composition based on the chemical analysis. The Cu-rich 
region also exists in this run at he lower part of the capsule, containing approximately 93 at.% of Cu 
(Fig. 3-14c). The dominant Cu-bearing phase is considered to be the metallic Cu in both cases because 
of the high concentration of Cu in the Cu-rich region. The Fe-rich region was detected at the right side 
of the capsule, which was originally the Fe grain inserted in the capsule. The (Fe,Ni)-bearing 
compounds covered the Mg-C-O compounds as a thin layer in this region and thus the composition of 
the (Fe,Ni)-bearing compounds was difficult to determine by the EDS analysis. 
 
 
Figure 3-14. DF image and element distribution maps of the recovered sample after quenching from 
119 GPa and 2190 K in run NIMGS01. (a) The DF image and (b) elemental map of the recovered 
capsule after quenching from 119 GPa and 2190 K. The concentrations of C, Mg, Fe, and Ni are 
represented in white, green, blue, and red. (c) The elemental distribution of Cu shown in light blue in 
the recovered sample obtained from the same area as (a) and (b). 
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Figure 3-15. BF and SAED images of larger single crystal of magnesite after quenching from 119 GPa 
and 2190 K in run NIMSG01. (a) The BF image and (b) the SAED image from the larger single crystal 
of magnesite at the center of the capsule in the recovered sample after quenching from 119 GPa and 
2190 K. 
 
 
3.3.4. Redox conditions in micro-metal capsules 
Redox conditions in the capsule were estimated as the difference of logfO2 from the iron-
wüstite buffer (IW), logfO2(ΔIW) based on equation 2-11, 
log f
O2
(∆IW) = 2 log aFe
alloy - 2 log aFeO
Fper/Mwus
. (3-1) 
where aFealloy =γFealloyXFealloy and aFeOFper/Mwus = γFeOFper/MwusXFeOFper/Mwus are the activities of Fe in the 
alloy and FeO in ferropericlase or magnesiowüstite, respectively. The logfO2(ΔIW) is calculated most 
simply by assuming ideal mixing for Fe-bearing alloys and (Mg,Fe)O solid solution (γFealloy = 
γFeOFper/Mwus = 1). The non-ideal mixing models are more appropriate in a real system than the ideal 
mixing model. The Margules interaction parameter was obtained for (Mg,Fe)O, as WFeMg = 13.2(5) kJ 
mol-1 based on the high-pressure experiments at 18 GPa (Frost 2003), and hence the γFeOFper can be 
determined based on the following equation, 
 RT ln γ
FeO
Fper
= WFeMg(1 - XFeO
Fper/Mwus
)2. (3-2) 
This WFeMg value is considered more realistic for the calculation of the reference logfO2(ΔIW) values 
compared to the ideal-mixing assumption, even though the estimation of was conducted at lower 
pressures than those in the experiments. All the Fe oxides in ferropericlase were assumed to be ferrous. 
The present calculations were conducted by assuming the ideal mixing (γFealloy = 1) for the Fe-bearing 
alloy. 
The decomposition of carbonate and diamond generation was indicated to occur at the 
logfO2(ΔIW) from −2 to 0 (Fig. 3-16). The redox states of diamond-precipitated runs are comparable 
with those expected in the metal-saturated lower mantle at the logfO2(ΔIW) of approximately −1.4 and 
 29 
 
buffered between the range of logfO2(ΔIW) from 0 to −1.5 (Frost and McCammon 2008). On the other 
hand, the run remaining carbonate show higher logfO2(ΔIW) from 0.3 to 1.7 in the regular-solution 
mixing model (FEMGS05 and NIMGS01; Fig. 3-16). The calculated results possibly indicate that the 
stability of MgCO3 is slightly enhanced to the reduced conditions above the phase-transition pressures. 
The redox logfO2 conditions of MgCO3 indicate consistency with the predicted stability field 
of MgCO3 based on the volumes of the phase II, in particular, at the runs observed diamond. On the 
other hand, the calculated phase II-diamond boundaries appeared to be slightly higher fO2 conditions 
comparing to the oxidized runs observing MgCO3. If the experimental observation was correct, the 
boundary can place at slightly lower logfO2(ΔIW) comparing to the calculated value, and MgCO3 phase 
II is able to be more stable. These experimental results and calculations indicate that the stability of 
MgCO3 can be extended to the reduced conditions at the logfO2(ΔIW) below zero, under the deeper 
mantle down to the depth of 2700–2900 km (125–136 GPa). 
 
 
 
Figure 3-16. Plots of experimental data on P–fO2 diagram. The experimental P–logfO2(ΔIW) data set 
is plotted with the calculated stability field of magnesite, phase II, and diamond in the present study. 
Blue triangles and red reverse triangles represent existence of magnesite and diamond in the recovered 
samples, respectively. LogfO2(ΔIW) of each point was estimated based on the regular-solution 
approximation for ferropericlase. Black-to-gray lines represent the stability boundaries between phase 
II and diamond calculated at the temperatures from 2000 K to 2500 K with increment of 100 K. Gray 
dashed lines represent the stability boundaries between magnesite and diamond and magnesite and 
phase based on previous studies. Orange shaded zone is expected fO2 conditions for the metal-saturated 
lower mantle. Shaded gray zone around the reducing boundaries represent uncertainty of the 
estimations. 
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3.4. Isotope ratio analysis of carbonate and diamond in Mg-C-Si-O system 
The carbon-bearing phases were magnesite and diamond in M3293 at 10 GPa and 1973 K, 
and magnesite and graphite in run M3303 at 8 GPa and 1773 K. The difference of C0 phases between 
M3293 and M3303 reflects the difference of the experimental pressures. The back-scattered electron 
(BSE) images of the texture of the recovered sample after quenching from 10 GPa and 1973 K (run 
M3293) indicate that Diamond was observed as small grains in diameters from several μm to a few 
tens μm. Magnesite was distributed at the matrix of the texture. The silicate phase was identified to be 
forsterite based on the Raman spectra. The present sample was possibly not melted becuase MgO was 
included to change the system to Mg-rich. The products of the recovered sample after quenching from 
8 GPa and 1773 K were identified as graphite, magnesite, coesite, and enstatite based on the Raman 
spectra. The observations of the texture using SEM indicated that the sample did not melted at 8 GPa 
and 1773 K. Enstatite and forsterite were also detected near the MgO capsule using EDS analysis, 
although no evidence of forsterite was detected using the Raman spectroscopy. 
The δ13CPDB values of starting graphite (sp-2) was measured to be −25.36(2) (n = 1). 
Magnesite powder was gained from a single crystal, but the carbon isotope ratio was slightly different 
depending on the pieces: the isotope ratio of the magnesite powder from a piece was −0.88(4) ‰ (n = 
3; Mgs#1), and that from the other piece was −1.75(4) ‰ (n = 1; Mgs#2). The present stating mixture 
was prepared using a powdered mixture of Mgs#1 and #2 in the molar ratio of approximately 8:2. The 
equilibrium value in the mixture of sp-2 graphite, Mgs#1, and Mgs#2 was calculated to be −9.83 ‰ 
based on the mass balance calculation. The results of the IRMS for δ13CPDB were plotted on Figure 3-
17. The magnesite shows higher δ13CPDB values comparing to graphite or diamond, and this tendency 
corresponds to previous study at slightly lower pressures (e.g., Mizutani et al. 2014; Reutsky et al. 
2015). However, the difference of 13C isotope ratio between magnesite and diamond or graphite in the 
present study was more than 10 ‰, showing the quite larger values than those reported in other high-
pressure experiments (+0.92–4.49 ‰; Satish-Kumar et al. 2011; Reutsky et al. 2012; Mizutani et al. 
2014; Reutsky et al. 2015). The larger or similar values of carbon isotope fractionation, +6.93–
19.08 ‰, was reported in a model system of a carbonated fertile peridotite in Mizutani et al. (2014), 
and they concluded that the the redox conditions in the system affected the carbon isotope fractionation 
between carbonate and graphite by reducing carbonate melts to graphite. It could be possible to the 
present runs, although it was also possible that the present results were caused by the non-equilibrium 
because both of the samples were not melted and the heating duration was not so long. 
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Figure 3-17. Carbon isotope distribution between magnesite and diamond or graphite. The gay and 
black triangles represent the δ13C of the starting sp-2 graphite and the recovered graphite or diamond 
from the high P–T experiments, respectively. The orange and red reverse triangles represent the 
estimated δ13C value for the starting material of magnesite and the measured δ13C for the experimental 
recovered magnesite, respectively. Dashed line depicts the equilibrium δ13C value (−9.83 ‰). 
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Chapter 4. Implications 
4.1. Fate of subducted MgCO3 down to the lower mantle 
MgCO3 can be considered the most stable carbonate in the deeper mantle at a depth of 
120−150 km (> 4−5 GPa; e.g., Dasgupta et al. 2004; Dasgupta and Hirschmann 2006; Brey et al. 2008; 
Litasov and Ohtani 2009; Ghosh et al. 2009) and its stability can be extended to lower-mantle pressures 
and temperatures (e.g., Biellman et al. 1993; Fiquet et al. 2002; Isshiki et al. 2004; Oganov et al. 2008; 
Solopova et al. 2015; Santos et al. 2019). The present results add to the experimental constraints on 
the phase relation of MgCO3 down to the lowermost-mantle conditions. This indicates that MgCO3 
does not melt or decompose on the mantle adiabat (Fig. 3-4; Andrault et al. 2019 based on Katsura et 
al. 2010), and that it may be more stable after the phase transitions. 
Recent experimental observations have shown that the subduction of carbonate can be 
restricted to carbonate melting in average subducted slabs down to the mantle transition zone 
(Thomson et al. 2016). Carbonates could, however, descend into the lower mantle (e.g., Thomson et 
al. 2016; Maeda et al. 2017) if they exist in the very cold slabs predicted in Komabayashi et al. (2004) 
or in the cooled slabs expected in the future Earth. Moreover, the carbon source in subducted slabs 
stems not only from the CO2-bearing basalts. Lithospheric mantle layers contain carbonates and hence 
are able to carry carbon into the deep mantle. As MgCO3 can survive in slabs by avoiding subtraction 
from these slabs through carbonate melting, it can change the structure to CO4-based phase II or 
triclinic post-magnesite phase at depth of approximately 2000 km according to the present results (Fig. 
3-4) if the slabs descend into the lower mantle as suggested in some geodynamic models (e.g., 
Nakagawa et al. 2010; Butterworth et al., 2014). The reactions between MgCO3 and silicate minerals 
are important in the prediction of the fate of subducted MgCO3. Maeda et al. (2017) suggested this 
reaction ocurrs between MgCO3 phase II and SiO2 high-pressure polymorphs (CaCl2-type phase or 
seifertite) at a depth of 1700 km in cold slabs and near the CMB in very cold slabs, which formed the 
bridgmanite or post-bridgmanite phase and diamond along with the release of O2, 
MgCO3 + SiO2 = MgSiO3 + C + O2 
(4-1) 
MgsII  CC/Sei  in Brg/pBrg Dia   
The phase relation of the MgCO3-SiO2 system reported in Maeda et al. (2017) also implies that 
diamond and bridgmanite or post-perovskite, react to form the MgCO3 phase II and the high-pressure 
polymorphs of silica minerals in the wide P–T ranges of cold slabs descending into the deep lower 
mantle through the reverse reaction of equation 4-1. Oxygen required for the reaction is supplied from 
Fe2O3 including in bridgmanite (e.g., Dasgupta 2013) or OH- in high-pressure polymorphs of hydrous 
minerals (e.g., Suzuki et al. 2000; Ohira et al. 2014; Ohtani et al. 2014; Nishi et al. 2014; 2017; Ohira 
et al. 2017). Consequently, the MgCO3 high-pressure polymorphs can serve as dominant carbon 
reservoir in the Mg-rich systems in subducted slabs such as basaltic crusts and meta-peridotites at 
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depths larger than 2000 km and down to the lowermost mantle. 
The stability of carbonates was investigated in the reduced lower mantle conditions in 
Chapter 3.3 in order to gain a better understanding of the carbon reservoir of the entire Earth. The 
latest experimental studies tested the stability of carbonate under iron-rich lower-mantle conditions 
and suggested that the CaCO3 post-aragonite phase could be stabilized via the reactions of carbonates 
and iron (Dorfman et al. 2018). Moreover, the MgCO3 phase II could be unstable under iron saturated 
conditions (Dorfman et al. 2018; Martirosyan et al. 2019). The following reactions were reported to 
cause the decomposition of MgCO3 (Dorfman et al. 2018), 
MgCO3 + 2Fe = C + MgO + 2FeO, (4-2) 
3MgCO3 + 13Fe = Fe7C3 + 3MgO + 6FeO. (4-3) 
Their results are very important in the discussion of possible carbonates in the Earth. However, it was 
premature to determine that other carbonates, except for CaCO3, are unstable under reduced lower 
mantle conditions, because this experimental setup could generate large thermal, compositional, and 
redox gradients in the sample chamber (e.g., Frost and McCammon 2008; Sinmyo and Hirose 2010). 
A new experimental design was proposed in the present study for redox stability analysis of carbonates, 
in addition to the examination of their phase diagrams. 
The calculations using the P–V–T EOS of MgCO3 phase II and experimental results using 
the metal capsules (Chapter 3.3.3) indicates that the stability of MgCO3 is limited in interiors of 
subducted slab, where relatively cold and oxidized conditions are achieved. The stabilizing of 
magnesite in the reduced lower mantle is possible at the depth in excess of 2700 km. This depth is 
relevant to the D˝ layer and large-low shear wave velocity provinces (LLSVPs) at the lowermost 
mantle (e.g., Lay et al. 1998; Wysession et al. 1998; Garnero and Lay 2003; Garnero and McNamara 
2008; Garnero et al. 2016). 
 
4.3. Contributions of carbonates to the deep carbon cycle 
The MgCO3 magnesite and phase II are primary carbon hosts at the depths larger than 150 
km to the lowermost mantle in every lithology of very cold slabs and in the Mg-rich lithology, such as 
ophicarbonates or surpentinaized peridotites of mantle lithospheric layers in various stabs. The 
reduced carbon-bearing phases such as diamond, Fe-carbides, and Fe-C alloys are the dominant C-
bearing phases in the wide depth range from 250 km to 2600 km in the ambient lower mantle and at 
surfaces of subducted slabs, because the redox states in the ambient mantle are too reduced to stabilize 
MgCO3. The melting of carbonate-bearing basalts due to the stabilization of Na-carbonates was 
reported to squeeze carbonates from subducted slabs in the mantle transition zone (Thomson et al. 
2016). In addition, the extracted carbonate melts could be frozen near the surface of the slabs as 
diamond (Rohrbach and Schmidt 2011; Stagno et al. 2011) or the (Fe,Ni)-carbides (Palyanov et al. 
2013; Rohrbach et al. 2014). As the result, Peridotitic MgCO3 appears to be the most stable carbon 
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carrier in slabs descending into the lower mantle due to the Mg-rich lithologies of the meta-peridotite 
and the high melting temperatures of MgCO3. Hence, subducted carbon in the meta-peridotite layers 
in slabs is a dominant in-flux of carbon into the lower mantle, and the main carbon carrier into the 
lower mantle is MgCO3 magnesite or its high-pressure polymorphs (Fig. 4-1). The reduced carbon-
bearing phases, particularly the dense Fe-carbide or Fe-C alloy, can also be transported into the lower 
mantle with subducted slabs or downward flow of the surrounding mantle driven by sinking slabs 
(Schmandt et al. 2014), even though diamond exhibits buoyancy in the lower mantle (e.g., Suzuki et 
al. 1995). 
Since a subducted slab descending into the lower mantle are colder compared with the 
surrounding mantle, the mantle near the subducted slab can be cooled by the slab. In addition, 
subducted slabs can serve oxygen to the surrounding mantle via dehydration from dense hydrouce 
minerals (e.g., Nishi et al. 2014; Ohira et al. 2017). Decomposition of MgCO3 by the reaction with 
silica minerals in the basaltic crusts (eq. 4-1; Maeda et al. 2017) can also release oxygen from slabs to 
the ambient lowermost mantle. Released oxygen locally increases the fO2 in the mantle near the slab. 
Present results indicate that the MgCO3 phase II are preferred to diamond at slightly lower 
temperatures and higher oxygen fugacities compared with the average mantle. Hence, MgCO3 phase 
II can stabilize via oxidation of the reduced carbon-bearing phases near the subducted slab placed in 
the lowermost mantle. 
The important observations of the lowermost mantle are the LLSVPs, the D˝ discontinuities, 
and the ULVZ (e.g., Williams and Garnero 1996; Lay et al. 1998; Wysession et al. 1998; Garnero and 
Lay 2003; Garnero and McNamara 2008; Torsvik et al. 2010; Garnero et al. 2016; Li et al. 2017). The 
D˝ discontinuities and the LLSVPs were typically detected at the depths of 150–300 km from the CMB 
(at depths of 2600–2750 km below surfaces) corresponding to the pressures of 120–130 GPa. (Lay et 
al. 1998; Wysession et al. 1998). Numerical calculations have indicated that slabs descending to the 
lowermost mantle accumulated above the CMB as thermochemical piles (e.g., Nakagawa and Tackley 
2008; Nakagawa et al. 2010; Li et al. 2014), which are candidate structures used to explain these 
anomalies (e.g., Garnero et al. 2016). The LLSVPs were also suggested to play an important role as 
roots of hotspot volcanos, as the locations of the hotspots are related to the location of LLSVPs (e.g., 
Burke et al. 2008; Torsvik et al. 2010). If the D˝ discontinuities and the LLSVPs are caused by 
subducted plates and thermochemical piles, carbon cycles could be affected by these structures at the 
lowermost mantle. At the depths of these anomalies (2600–2750 km), MgCO3 is expected to stabilize 
with the reduced carbon-bearing phases near subdcuted slabs down to the lowermost mantle (Fig. 4-
2), because of the oxygen release from the subducted slabs via decomposition of the hydrous minerals 
(e.g., Nishi et al. 2014; Ohira 2017) or a reaction between MgO, C, and Fe3+2O3-rich minerals 
(Dasgupta 2013; Sun et al. 2018). Therefore, the surrounding mantle regions in contact with subducted 
slabs (Fig. 4-2) become carbonate-rich conditions by suppling carbon and oxygen from the deeply 
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subducted slabs. The temperatures around LLSVPs can be higher than the melting temperatures of the 
MgCO3 phase II or MgCO3-bearing silicate systems, because these regions are expected to be heated 
from the outer core (e.g., da Silva et al. 2000; Lay et al. 2008). This results in melting of carbonate 
with or without decomposition in the lowermost mantle, that is, the redox melting is expected around 
LLSVPs. If MgCO3 is melted, it can rapidly escape and ascent to surface of the Earth from the 
lowermost mantle, because of the lower densities and viscousiies of carbonate-bearing melts (e.g., 
Ghosh et al. 2007; Sakamaki et al. 2011; Kono et al. 2014), which can drive ascentions of the super 
plumes from the CMB. Carbonates in the plume become immediately unstable, because of the pressure 
decrease under high temperature conditions and incorporation of metallic iron into the plume from the 
ambient mantle (Fig. 4-2). Oxygen is formed by the reduction of carbonate, and some of the metallic 
iron can be oxidized to FeO during diamond formation, and included into diamond in the lower mantle. 
These process can explain the FeO-rich (Mg,Fe)O inclusions in superdeep diamond, which can be 
formed by the pathway described above (Hayman et al. 2005; Wirth et al. 2014; Kaminsky et al. 2016). 
This plume-formation process can also explain the high concentration of C in the OIB source mantle 
(e.g., Bureau et al. 1998; Aubaud et al. 2005; 2006). 
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Figure 4-1. Possible carbon-bearing phases in slabs descending into the lower mantle. Schematic 
image indicates the possible carbon-bearing phases in a subducted slab descending into the lower 
mantle. Green parallelograms, white diamonds, and gray squares indicate stabilization of Mg-
carbonate, diamond, and Fe-C compounds, respectively. Green deformed symbols indicate melting of 
carbonate or carbonate-bearing rocks. Purple, light blue, and dark blue layers in the slab depict 
sediment, basalt, and peridotite layers, respectively. 
 
 
 
Figure 4-2. Possible carbon-bearing phases at lowermost mantle. A schematic image indicates possible 
carbon-bearing phases in a subducted slab descending into the lowermost mantle. Green 
parallelograms, white diamond, and gray squares indicate stabilization of Mg-carbonate, diamond, and 
Fe-C compounds, respectively. Green deformed symbols indicate melting of carbonate or carbonate-
bearing rocks. A blue shaded zone on a slab represents regions cooled by a slab and enriched in oxygen 
from a slab. Oxygen is possibly released from the subducted slab due to decomposition of dense 
hydrous minerals. Light orange and red regions depict the LLSVP and roots of super plume. MgCO3 
can be stable in a subducted slab or oxidized mantle regions, and its melting near hot LLSVP is 
considered to be related to formation of super plumes. 
 
  
 37 
 
5. Summary 
The outcome gained from the present studies summarized as follows: 
(i) The high P−T experiments detected the new high-pressure polymorphs of MgCO3 predicted by the 
recent theoretical studies around 90 GPa. The new high-pressure polymorph was observed at the P−T 
conditions corresponding to the mantle and therefore called the post-magnesite phase. 
(ii) The MgCO3 phase II melted at 107 GPa and 3000 K, and at 158 GPa and 3400 K. The malting 
curves of the phase II was higher than the mantle adiabat temperature, suggesting that MgCO3 does 
not melt or decompose under the P−T conditions corresponding to the lower mantle.  
(iii) The phase diagram of MgCO3 was constrained under the P−T conditions corresponding to the 
entire mantle. The phase transitions from magnesite to the post-magnesite phase occurred at 
approximately 90 GPa and from the post-magnesite to the MgCO3 phase II occurred at approximately 
100 GPa. 
(iii) The P−V−T equations of state were constructed for the MgCO3 phase II. Based on the P−V−T 
equation and thermodynamic equations, the decomposition boundary of phase II was estimated as a 
difference from that of magnesite under P−T−fO2 conditions. 
(iv) The stability of MgCO3 was examined under the metal-saturated conditions. In order to resolve 
the problems in conventional experiments, the new experimental procedure using a miniature metal 
was introducted. The decomposition of MgCO3 to diamond and Fe7C3 was detected at approximately 
100 GPa and at logfO2(ΔIW) of below zero. The MgCO3 was survived under the oxidized conditions 
above the IW buffer at approximately 90 and 120 GPa. 
(v) The relation between logfO2 and pressure based on the experiments is possible to explain the 
prediction based on the volume of MgCO3 phase II and thermodynamic calculation. 
Eventually, I concluded that the magnesium carbonate becomes stable in oxidized mantle regions such 
as insides of slabs descending into the lower mantle and in the lowermost mantle at the depths in 
excess of 2700 km based on the present observations. The stabilization of the carbonate in the 
lowermost mantle possibly contribute to the processes of the slab graveyard, the core-mantle 
interaction, and the plume generations in the seismically unusual regions detected as the D˝ 
discontinuity and LLSVPs. The MgCO3 can melt at the hotter mantle region with silicate minerals and 
these melts gain a buoyancy to drive the super plume and work as a growth media of diamond due to 
the reduction of carbonate during ascent to surfaces. The present model proposed the potential of the 
sampling of the mantle plumes by the superdeep diamonds via redox melting at the lowermost mantle. 
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